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5Swiss Seismological Service (SED), ETH Zürich, Zürich, Switzerland
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S U M M A R Y
High-melt areas of glaciers and ice sheets foster a rich spectrum of ambient seismicity.
These signals not only shed light on source mechanisms (e.g. englacial fracturing, water flow,
iceberg detachment, basal motion) but also carry information about seismic wave propagation
within glacier ice. Here, we present two approaches to measure and potentially monitor
phase velocities of high-frequency seismic waves (≥1 Hz) using naturally occurring glacier
seismicity. These two approaches were developed for data recorded by on-ice seasonal seismic
networks on the Greenland Ice Sheet and a Swiss Alpine glacier. The Greenland data set
consists of continuous seismograms, dominated by long-term tremor-like signals of englacial
water flow, whereas the Alpine data were collected in triggered mode producing 1–2 s long
records that include fracture events within the ice (‘icequakes’). We use a matched-field
processing technique to retrieve frequency-dependent phase velocity measurements for the
Greenland data. In principle, this phase dispersion relationship can be inverted for ice sheet
thickness and bed properties. For these Greenland data, inversion of the dispersion curve yields
a bedrock depth of 541 m, which may be too small by as much as 35 per cent. We suggest
that the discrepancy is due to lateral changes in ice sheet depth and bed properties beneath
the network, which may cause unaccounted mixing of surface wave modes in the dispersion
curve. The Swiss Alpine icequake records, on the other hand, allow for reconstruction of the
impulse response between two seismometers. The direct and scattered wave fields from the
vast numbers of icequake records (tens of thousands per month) can be used to measure small
changes in englacial velocities and thus monitor structural changes within the ice.

Key words: Glaciology; Seismic tomography.

I N T RO D U C T I O N

Seismological techniques have become an important component of
glaciological research. With the advent of portable digital instru-
mentation, seismometer installation is now possible even in remote
and/or hostile environments such as Polar Regions, glacier abla-
tion zones, and other types of mountainous terrain. As seismometer
networks can target seismogenic processes at large distances, they
often constitute a valuable supplement to conventional glaciological
point measurements.

To date, passive seismic studies have focused primarily on source
processes. Monitoring high-frequency (>1 Hz) ‘icequake’ activity,
recent investigations have led to new insights into englacial frac-
ture propagation (Bassis et al. 2007; Walter et al. 2009; Carmichael

et al. 2012; Mikesell et al. 2012; Pomeroy et al. 2013; Heeszel
et al. 2014) and basal processes (Smith et al. 2006; Danesi et al.
2007; Walter et al. 2008; Dalban Canassy et al. 2013; Moore et al.
2013; Thelen et al. 2013; Winberry et al. 2013; Allstadt & Malone
2014). Similarly, the high-frequency signature of iceberg calving
has allowed for remote monitoring of ice discharge from tidewa-
ter or lake calving glaciers (O’Neel et al. 2007; Amundson et al.
2008; Richardson et al. 2010; Walter et al. 2010a; Bartholomaus
et al. 2012). However, glacier seismicity is not limited to high
frequencies. Episodic discharge events from the polar ice sheets
(Ekström et al. 2003; Tsai & Ekström 2007; Larmat et al. 2008;
Nettles & Ekström 2010; Chen et al. 2011; Veitch & Nettles 2012;
Walter et al. 2012) and Antarctic ice stream motion (Wiens et al.
2008; Walter et al. 2011; Zoet et al. 2012; Pratt et al. 2014)
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generate seismic energy at periods as long as tens or even hun-
dreds of seconds.

Recently, investigations have also begun to exploit naturally oc-
curring seismicity to analyse the subsurface structure of ice sheets.
For example, Harland et al. (2013) used records of basal seismic-
ity to measure elastic anisotropy in Rutford Ice Stream, Antarctica.
Zhan et al. (2014) focused on ambient seismicity recorded at the
surface of the Amery Ice Shelf, Antarctica, to detect seismic res-
onances within the sub-ice shelf water cavity. Moreover, a number
of studies have used subsurface mode conversions of teleseismic
waves to determine fabric properties, thicknesses and bed prop-
erties of the polar ice sheets (Anandakrishnan & Winberry 2004;
Wittlinger & Farra 2012; Chaput et al. 2014; Walter et al. 2014).

While these results are encouraging, recent developments in
crustal seismology provide a rapidly growing toolbox, which has
yet to be harnessed in glaciological applications: cross-correlation
of ambient seismic noise records allow for imaging and monitoring
the Earth’s crust at scales ranging from tens of metres to thousands
of kilometres. The applied techniques are rooted in the fact that the
seismic impulse response between two sites can be reconstructed
via cross-correlation of ambient noise seismograms recorded at the
two sites (for reviews see Wapenaar et al. 2004; Bensen et al. 2007;
Campillo & Roux 2014). Consequently, passive noise techniques
can image and monitor the Earth’s crust without the need for arti-
ficial seismic sources, such as explosives or hammer blows, which
often require expensive and laborious field campaigns.

Here we explore the use of passive seismic techniques for mea-
surements of englacial phase velocities. We develop processing
techniques for typical on-ice seismic deployments, consisting of
either continuous or triggered records of high-frequency seismicity
(≥1 Hz). In future studies, the combination of the two record types
could ideally exploit characteristics of ambient seismicity to study
subsurface structures of glaciated environments.

We focus on signals of icequakes and water-generated tremor,
which often dominate the ambient seismic field in high-melt zones
(Walter et al. 2008; Röösli et al. 2014). Using seismic records from
seasonal networks on the Greenland Ice Sheet (GrIS) and Switzer-
land’s Gornergletscher, we derive methods to estimate glacier
depths and develop an approach that could monitor a glacier’s
fracture state. We leverage the fact that glacier ice contains few
inhomogeneities (Deichmann et al. 2000; Roux et al. 2008; Walter
et al. 2009), which suppresses the development of diffuse waves
often used in ambient noise studies of the Earth’s crust.

DATA AVA I L A B I L I T Y A N D S T U DY
S I T E S

Our investigation uses data from two seasonally installed seismic
networks. One was deployed on the GrIS, some 30 km north of the
calving front of Jakobshavn Isbræ, the other operated on Gorner-
gletscher, Switzerland’s second largest glacier (Figs 1 and 2). With
an aperture exceeding 1 km, the GrIS network is more than twice
as large as the Gornergletscher network.

The GrIS network was operational from 2011 July 2 to August
17. We use the data from 11 seismometers (models Lennartz LE3D,
Lennartz LE3Dlite and Lennartz LE3D/BH) installed either in shal-
low boreholes (at 2–3 m depth) or directly at the glacier surface.
Additional details about the network and other types of glaciologi-
cal and seismological instrumentation can be found in Röösli et al.
(2014), Ryser et al. (2014) and Andrews et al. (2014). The Gorner-
gletscher network recorded between 2006 May 29 and July 28 and

Figure 1. Surface seismometer network (green triangles) and location on
the Greenland Ice Sheet shown in the map inset. The background shows a
WorldView-2 image (red band, from 2011 June 20, Polar Geospatial Center).
Note the presence of surface crevasses and drainage streams, one of which
terminated in the moulin (red bulls-eye in Fig. 1) shown in Fig. 3.

consisted of 21 near-surface stations (models Lennartz LE3D and
Geospace GS-11D with natural frequencies of 1 and 8 Hz, respec-
tively). Details of this and similar networks on Gornergletscher’s
tongue can be found in Walter et al. (2008) and Walter (2009).
The GrIS network operated in continuous mode at a sampling fre-
quency of 500 Hz. In contrast, the Gornergletscher network tar-
geted high-frequency icequakes with impulsive onsets. Recording
was therefore performed in triggered mode with 4000 Hz sampling
frequency.

The GrIS and Gornergletscher study regions locate in ablation
zones and are characterized by high summer surface melt of 2 and
5 m water equivalent, respectively. With an average of 0.27 m d−1

(Hoffman et al. 2011; McGrath et al. 2011), surface flow velocities
at the GrIS site are somewhat higher than within the Gornergletscher
study region (0.1 m d−1; Huss 2005). Due to the high ablation rates, a
network of surface streams forms during the melt season at both sites
(Figs 1 and 2). These streams coalesce until they intersect pervasive
crevasses constituting hydraulic connections to the glacier bed. As
a result, frictional melt during turbulent water flow quickly enlarges
crevasses to form efficient englacial drainage channels typically
referred to as ‘moulins’. A prominent moulin with an intake of
2.5 m3 s−1 (Andrews et al. 2014) had formed near the center of the
GrIS network (Figs 1 and 3).

G L A C I E R - R E L AT E D S E I S M I C S O U RC E S

At both study sites, the ice surface exhibits numerous crevasses
(Figs 1 and 2) whose formation or extension manifests itself as
icequakes (Neave & Savage 1970; Walter et al. 2009; Roux et al.
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Figure 2. (a) Catchment area of Gornergletscher, location marked in the
map inset. Blue arrows indicate approximate flow lines and red square
denotes the location of the seismometer network shown in panel (b).
(b) Surface seismometer network (green triangles) plotted on top of an ortho
photograph. The two circled stations are used for signal cross-correlation.
Blue arrow points along glacier flow direction; black arrow highlights a
surface drainage channel, which had previously formed during the surface
drainage of a seasonal lake.

2010; Mikesell et al. 2012). Because of the prevalence of surface
crevasses, near-surface seismicity dominates the icequake catalogue
although there also exist deep events caused by hydrofracturing and
basal motion (Smith et al. 2006; Danesi et al. 2007; Walter et al.
2008; Winberry et al. 2013; Dalban Canassy et al. 2013; Moore
et al. 2013; Thelen et al. 2013; Allstadt & Malone 2014).

With thousands of recordable icequake events occurring each
day, surface icequakes consist mainly of direct waves and cross-
correlation of their seismograms recorded at a pair of stations
typically give rise to simple, one-sided cross-correlation wavelets
(Fig. 4). The icequake signal has a duration of ∼0.1–0.2 s with en-
ergy concentrated in the 5–30 Hz range (Walter et al. 2009). With its
maximum amplitude on the vertical component, the Rayleigh wave
dominates the seismogram. In contrast, the P wave is substantially
weaker and for distant events often below the noise level.

The brief duration and weak seismic coda after the Rayleigh wave
arrival are the result of limited englacial scattering. This typically
allows seismologists to approximate a glacier’s seismic velocity
model by a homogeneous half-space when locating events or mod-

Figure 3. Moulin near the centre of the seismic network shown in Fig. 1.
The incised canyon is approximately 2 m wide and at the entrance to the
englacial drainage channel several tens of metres deep. Courtesy of Bob
Hawley.

elling seismic waveforms (e.g. Anandakrishnan & Bentley 1993;
Deichmann et al. 2000; Walter et al. 2009; Carmichael et al. 2012;
Dalban Canassy et al. 2013).

Another seismic signal typical for ablation zones is related to
water-filled englacial fractures and conduits. These features can
generate resonance seismograms, analogous to long-period volcanic
tremor (St. Lawrence & Qamar 1979; West et al. 2010; Lipovsky
& Dunham, 2015). Accordingly, the moulin near the centre of the
GrIS network produces a sustained tremor signal, which dominates
the ambient ice sheet noise during peak melt hours (Röösli et al.
2014). Spectrograms of these tremors exhibit energy primarily be-
tween 2 and 8 Hz. Frequency bands of either elevated or suppressed
seismic energy can be modulated by moulin water level (Fig. 5)
likely reflecting geometry of englacial conduits.

The moulin tremor’s signal shown in Fig. 5 is coherent through-
out the entire network. This is illustrated in Fig. 6 showing cross-
correlations of consecutive five-minute-long seismograms within a
two-hour tremor record (Fig. 5). The tremor signal emerges as a
nearly constant cross-correlation wavelet with zero lag near 0.1 s.
This signal is not disturbed by the frequent occurrence of icequakes,
which appear as high-frequency vertical bars in the continuous seis-
mogram (Fig. 6a).

G R E E N L A N D : M AT C H E D - F I E L D
P RO C E S S I N G O F T R E M O R E P I S O D E S

In order to measure phase velocities of moulin tremor signals, we
exploit the signal coherence throughout the network. Matched-field
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Figure 4. (a and b) Vertical velocity seismograms of surface icequakes recorded at the two stations highlighted in Fig. 2. (c) Cross-correlation of records
shown in (a) and (b).

Figure 5. Moulin tremor recorded on 2011 June 28/29. (a) Water level within the moulin. (b) Bandpass-filtered seismogram (2–7 Hz). (c) Water tremor
spectrogram showing the excitation of discrete frequency bands. Note the occurrence of high-frequency icequakes shown in panel (b), whose broadband
character is visible as vertical bars in the spectrum (panel c).

processing (MFP) is an ideal approach for this endeavour. We briefly
outline the key concepts of the MFP technique and refer the reader to
Vandemeulebrouck et al. (2010), Cros et al. (2011), Corciulo et al.
(2012) and Vandemeulebrouck et al. (2013) as well as references
therein for further details.

In essence, for each point on a predefined grid (typi-
cally spatial coordinates and phase velocity), the MFP algo-
rithm estimates waveform coherence within the monitoring net-
work assuming that the gridpoint is the source of a seismic
signal recordable at all stations. Noise sources can thus
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Figure 6. (a) Bandpass-filtered (1–50 Hz) 2-hr seismogram during the tremor episode shown in Fig. 5 (between 22:00:00 and 23:59:00). (b) Time-series of
cross-correlation between two stations in the network (using 5-min-long time windows with 50 per cent overlap). Warmer and colder colours correspond to
larger positive and negative correlations, respectively. The y-axes (time) of both panels are synchronized. Note the relatively constant cross-correlation wavelet
representing the persistently emitted tremor signal.

be located by identifying gridpoints with maximum signal
coherence.

At a given frequency ω, waveform coherence is measured using
a data vector d(ω) consisting of discrete Fourier transforms of each
station record

d(ω) = [d(ω)1, d(ω)2, . . . , d(ω)N ] , (1)

where N is the number of stations. The grid search for signal co-
herence, also known as ‘phase matching’ or ‘beamforming’, is ac-
complished by calculating the inner product between d(ω) and a
replica vector d′(ω). The latter is the mathematical expression of a
theoretical harmonic wave emitted from the gridpoint with a phase
depending on the signal frequency and medium velocity. Its ampli-
tude is subject to geometric spreading and other attenuation effects.
For seismic surface waves within a lossless homogeneous medium
and a seismometer network at the glacier surface, the replica vector
is expressed as:

d′
j(ω, aj) =

√
2

πaj
e−iπ/4eiωa j /c,, (2)

where j is the station index, aj is the absolute distance between
spatial gridpoint and the jth station and c is the medium’s phase
velocity.

Rather than using the inner product, we can enhance phase match-
ing with the cross-spectral density matrix (CSDM) K(ω), given by

K(ω) = 〈d(ω)d∗(ω)〉. (3)

Here, ‘∗’ refers to the complex conjugate and the brackets indicate
an ensemble average over a large number of seismic noise windows,
for which the outer vector product of d(ω) and d∗(ω) is calculated.

Phase matching can now be achieved via the conventional processor
(Baggeroer et al. 1993)

B =
∑

ω

∣∣d′∗(ω, a) K(ω)d′(ω, a)
∣∣ . (4)

The advantage of the form of eq. (4) is that we can apply singular
value decomposition to the CSDM. As dominant noise sources
are often associated with large eigenvalues of the CSDM, we can
search for weaker noise sources by simply removing the strongest
eigenvalue in the singular value decomposition.

L O C AT I O N A N D S E PA R AT I O N
O F T R E M O R S O U RC E S

We apply the MFP to 2-hr-long noise records recorded by the GrIS
network. The beamforming is performed at 0.1 Hz increments rang-
ing between 0.2 and 6 Hz. To remove amplitude information from

consideration we neglect the factor
√

2
πaj

e−iπ/4 in eq. (2). In this

way, we match only the wave phase, which allows us to not favour
surface waves over body waves or vice versa. Fig. 7(a) shows
the result of the grid search over the two horizontal components
and phase velocity (spatial and velocity increments of 20 m and
10 m s−1, respectively). We compute our final results by averaging
over all discrete frequencies between 0.2 and 6 Hz. Normalization
assures that a beam maximum of 1 represents a perfect phase match
throughout the network. Consistent with the Röösli et al. (2014)
study, the beam maximum indicates the dominant source of am-
bient seismic noise locates near the central moulin (compare with
Fig. 1).

When applying the singular value decomposition to the CSDM
we can repeat the phase match for the strongest and second strongest
eigenvalues. For the second eigenvalue the central moulin noise
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Figure 7. Grid search for matched field processing (MFP) of a 2-hr noise
segment recorded on 2011 August 2. The search was performed over Easting,
Northing and phase velocity and the results averaged over the 0.2–6 Hz
range. (a) A clear maximum in beam amplitude of over 0.82 locates near
the moulin, confirming that water flow within this drainage feature is the
dominant source of seismic background noise within the network. (b) After
singular value decomposition and discarding all but the second strongest
eigenvalue, the grid search identifies another source at the Northeast. The
moulin noise source within the network, on the other hand, is completely
suppressed. Note the different colour bar scales of the two panels. White
arrows mark beam maxima in both panels.

source is no longer visible. Instead, a source to the North of the
network dominates the phase match (Fig. 7b). The beam maximum
is poorly constrained along the axis connecting noise source epi-
centre and network centre (‘radial’ direction) and thus may actually
locate outside the grid. At this point we assume this maximum
corresponds to another moulin, because satellite imagery suggests
the presence of several such drainage features in the direction of
the beam maximum (L. Andrews, personal communication). How-
ever, estimates of drainage basins are needed in order to identify
which one of these moulins is emitting the seismic noise, as several
candidates locate within 10 km north of the network.

T R E M O R S I G NA L D I S P E R S I O N
M E A S U R E M E N T

Focusing the phase matching on the location of a particular noise
source, we can determine the signal’s phase velocity as a function of
frequency. Our goal is determining the dispersion relationships of
Rayleigh waves, which are sensitive to the ice’s structure at depths
and thus well suitable for imaging purposes. Sources outside the
network, such as the northern source associated with the second
eigenvalue of the CSDM (Fig. 7b), are more suitable for this task.
The central moulin is located within 400 m of most of the stations.
For frequencies below 6 Hz and typical S-wave velocities in glacier
ice of ∼1800 m s−1 (which are near the Rayleigh wave velocity as
explained, for example, in Stein & Wysession 2003), this implies
that the stations lie within approximately one wavelength or less
of the source. At these close distances near-field effects complicate
the interpretation of the dispersion measurements (Aki & Richards
2002). Moreover, the focal depth of the moulin tremor is unknown.
Consequently, at close distances we cannot exclude the possibility
that seismic body phases interfere with seismic Rayleigh phases.
Finally, to detect a source outside the network, the grid search needs
to only determine the source azimuth. This eliminates one spatial
search parameter and thus minimizes computational expenditure.

The azimuthal grid search is applied to 2-hr-long noise segments.
Using the second eigenvalue in the singular value decomposition
we search the entire azimuthal range at increments of 10◦ for nor-
malized beam maxima that exceed 0.5. Subsequently, we focus the
beam on this maximum and average the phase velocities within
frequency windows of 1 Hz with 80 per cent overlap. We discard
measurements with beam averages below 0.5 and repeat the cal-
culation for the next two-hour-long seismic record. The result is a
set of Rayleigh wave dispersion measurements providing estimates
for mean and standard deviation (Fig. 8). As expected, the phase
velocities increase towards longer wavelength (lower frequencies),
which are sensitive to the ice sheet bed.

We note that the relatively wide frequency window (1 Hz) was
chosen to smooth the resulting dispersion curve. Moreover, moulin
tremor signals include frequency bands with little or no energy
(Fig. 5). Consequently, narrower frequency windows may be de-
prived of coherent signals, which would compromise the source
separation when applying the singular value decomposition to the
CSDM.

I C E S H E E T D E P T H E S T I M AT I O N S

We begin the quantitative interpretation of our processing results
with ice sheet depth estimations. To this end, we invert the dispersion
curve in Fig. 8 for the underlying velocity model. We employ the
enhanced neighbourhood algorithm (Wathelet 2008) to search sys-
tematically for a velocity profile, whose Rayleigh wave dispersion
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Figure 8. Dispersion relationship obtained from matched field processing using periods when the network was fully operational. Solid and dashed lines mark
mean and one standard deviation as calculated from all high-quality dispersion measurements (see text for details) for 2-hr-long noise records. Note that below
∼3 Hz, Rayleigh waves become sensitive to the ice sheet bed and their phase velocities therefore increase.

Table 1. Parameter ranges and fixed parameters for grid search to invert the
dispersion curve in Fig. 8 for ice sheet thickness. Poisson’s ratios of ice and
granite were varied between 0.2 and 0.5. Both Poisson’s ratio and ice sheet
thickness were coupled to the S-wave velocity VS.

Material Thickness VP VS Density
(m) (m s−1) (m s−1) (kg m−3)

Ice 200–2000 3870 (fix) 1500–2100 917 (fix)
Granite ∞ 200–5000 150–3500 2750 (fix)

matches our measurements. We assume a 1-D, two-layer medium
consisting of ice and underlying granite bedrock. This is a simpli-
fied approximation and does not include lateral variations in basal
topography or allow for the presence of basal till.

The grid search boundaries for seismic velocities, ice thickness,
densities and Poisson’s ratio are given in Table 1. We fix the seismic
P-velocity in ice to 3870 m s−1 (Kohnen 1974) and couple all vary-
ing parameters to the S-wave velocity structure. Our results show
a 541 m thick ice sheet provides the best fit (Fig. 9). The inversion
furthermore determines an S-velocity of 1849 and 2619 m s−1 in the
ice and bedrock layer, respectively. Fig. 9 furthermore shows that
the misfit minimum for the ice sheet thickness is well defined. This
most likely reflects the fact that the depth-sensitivity of Rayleigh
waves reaches a maximum at a depth of approximately 1/3 the wave-
length (Li et al. 2013). For the inverted S-velocity this corresponds
to 616 m.

By fixing the S-wave velocity for either the ice or bedrock and sys-
tematically varying the other, we investigated the sensitivity of the
inverted layer thickness. Increases in the ice and bedrock velocities
both led to an increase in inverted ice sheet thickness. A 60 m s−1 in-
crease in the ice’s S-velocity resulted in a 45 m increase in ice sheet
thickness. On the other hand, the same 60 m s−1 increase in the
bedrock’s S-velocity leads to an almost 10 times smaller thickness
increase. Moreover, for the ice’s S-velocity the 60 m s−1 increase
produces a misfit that is more than doubled, which is in stark contrast
to the 3 per cent misfit increase for the same bedrock’s S-velocity
increase. These numerical tests demonstrate that the inverted thick-
ness is particularly sensitive to the S-velocity of the ice. However,

the determined thickness of 541 m seems robust as variations in the
ice’s S-velocity quickly reduce the fit quality.

Near the central moulin (Fig. 1), hot water drilling measured an
ice thickness of up to 620 m (Ryser et al. 2014). Furthermore, seis-
mic receiver functions indicate a basal till layer that is at least 80 m
thick beneath this region of the network (Walter et al. 2014). The
seismic velocities of this till layer are poorly constrained, but the
residual minima of the receiver function inversion coincide with
S-wave velocities between 1300 and 1500 m s−1 (Fig. 1 in Walter
et al. 2014). For such seismic velocities the till-bedrock interface
constitutes a stronger seismic velocity contrast than the ice-till in-
terface. Accordingly, the top layer inverted with our dispersion in-
version includes both the ice and the till layer. This indicates that
our inverted bedrock depth of 541 m is at least 159 m too shallow
(620 + 80 − 541). This 22 per cent discrepancy can be explained
with a substantially shallower bedrock depth beneath the south-
ern end of the network as indicated by radar measurements (Steen
Savstrup Kristensen, personal communication). This shallow bed
region influences the low frequencies of the dispersion curve, in
particular. The reason is that in order to capture longer wavelengths
(which are sensitive to the glacier bed) the phase measurements re-
quire large station separations. The longest inter-station separations,
however, require participation of the southern part of the network.
Thus, the glacier thickness beneath the southern part of the network
may be overrepresented in the dispersion measurement. Perhaps
most importantly, the 3-D velocity structure beneath the seismic
network can give rise to mode coupling of surface waves (Maupin
2007). If this were the case, our phase velocity measurements would
be influenced by several Rayleigh wave modes, which differs from
our assumption that the dispersion relationship includes only the
fundamental mode.

In addition to the simple ice-over-bedrock model we also con-
ducted a dispersion inversion with an intermediate layer potentially
representing subglacial till. This inversion yielded only poorly con-
strained ice sheet and till layer thicknesses. As seismic velocities
within till are highly variable, we have no justification to fix them
at a constant value in the inversion merely for the sake of numerical
stabilization. To better constrain the dispersion inversion and its
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Figure 9. Results of dispersion curve inversion. (a) Colour-coded popu-
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errors will require accurate bedrock topography maps, dispersion
inversions including lateral variations in the velocity model and the
use of higher mode Rayleigh waves. As this is beyond the scope
of the present study, we conclude that our dispersion-based deter-
mination of bedrock depth is subject to an error between 23 and
35 per cent (Fig. 9b).

G O R N E RG L E T S C H E R : AU T O M AT E D
I C E Q UA K E L O C AT I O N S

The processing of surface icequake signals on Gornergletscher be-
gins with event epicentre locations. The large number of events
detected on Gornergletscher (over 52 000) requires an automated
approach. We use the method of Roux et al. (2010), which em-
ploys cross-correlations to automatically measure differences in
Rayleigh wave arrival times. The triggered Gornergletscher data
set is well suited for this task, because a relatively small seismic
network recorded these data. This increases Rayleigh waveform co-

herence throughout the network, which is necessary in obtaining a
sufficient amount of differential arrival time measurements.

The Roux et al. (2010) method uses time-domain cross-
correlation of the Rayleigh wave recorded on vertical component
velocity seismograms and includes the following steps. First, we
detrend and remove the mean from each event waveform and ap-
ply a two-pass, second order, Butterworth bandpass filter from 5 to
15 Hz. Next, we normalize each waveform by its peak-to-peak am-
plitude, assuming the largest waveform amplitude is the Rayleigh
wave from a surface icequake. We select a 0.5-s window that en-
compasses the Rayleigh wave. For each station waveform pair we
compute the time delay required to align the Rayleigh waves using
time-domain cross-correlation. Initially these time delays are mul-
tiples of the sampling rates. To increase the accuracy of these time
delays, we fit a quadratic function to the cross-correlation function
centred on its discrete maximum. Estimating the position of the
quadratic function maximum provides subsample precision.

After catalogueing time delays for each station pair we perform
an inversion to solve for both the icequake location and the apparent
velocity of the region. We solve the N overdetermined non-linear
equations (where N is the number of time delays calculated for
each source/station pair) using a quasi-Newton scheme [Tarantola
& Valette 1982, eq. (25)]. A regularization term ε avoids instability
during the inversion.

One source of location error stems from large uncertainties in
seismic wave arrival-time measurements, which are typical for weak
signals, noisy records, or deep icequakes, whose seismograms lack
a well-defined Rayleigh wave. We therefore only retain the most re-
liable locations with waveform cross-correlations of 0.95 or above.
Furthermore, we require the location scheme to successfully iter-
ate to an acceptable solution (<500 iterations) and that the average
standard deviation of epicentral location and velocity remains rea-
sonable (Roux et al. 2010). To minimize spatial and temporal data
artefacts we use only data from time periods when the full network
was functioning.

Location solutions vary in quality and reliability depending on
whether they are within or outside the network. We quantitatively
investigate to what extent location errors vary as a function of the
events being inside or outside the network using synthetic arrival
times from hypothetical icequakes, whose Rayleigh waves travel
at 1640 m s−1. We place the hypothetical icequakes at distances
between 0 and 1000 m from the network centre and at eight evenly
spaced azimuths between 0◦ and 360◦. For each icequake we pro-
duce 100 perturbed arrival time measurements by adding a normally
distributed error with standard deviation of 0.05 s. Subsequently,
these perturbed arrival times are inverted with our location algo-
rithm and the distances between the inverted and actual hypothetical
icequake locations are computed.

Our results show the calculated location errors (standard devia-
tion between inverted and actual hypothetical locations) as a func-
tion of distance from the network centre (Fig. 10). These errors were
averaged over all 100 perturbations and the eight azimuths. Within
the network, location uncertainties are as low as a few metres, which
is consistent with the error estimate of Roux et al. (2010). Outside
the network, uncertainties in the radial direction continue to grow
with distance from the network centre and quickly exceed 100 m.
In contrast, and most important for this work, in the azimuthal di-
rection the error remains constant near 2◦. This azimuthal error
estimation is on the conservative side, because we did not apply a
quality threshold of the inversion output and because a 0.05 s ar-
rival time error is considered high for clean surface icequake signals
(Fig. 4).
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Figure 10. Error of automated icequake locations in the radial (black) and
azimuthal (red) directions with respect to network centre (Fig. 2b). Note that
for icequakes outside the network (>200–300 m from network centre), the
azimuthal error remains constant at around 2◦.

1 km
N

Figure 11. Epicentres of the majority of the 31 436 located surface ice-
quakes (some epicentres locate beyond the map boundaries). Location un-
certainties are as low as a few metres but quickly grow with distance from
the seismometer network centre (Figs 2 and 10). Green triangles mark lo-
cations of seismometers used for subsequent cross-correlation processing.
Red events are within 200 m of the two station’s midpoint and therefore
not used in the subsequent processing. Note that alignment of these events
corresponds to the local crevasse pattern (Fig. 2).

A Z I M U T H A L AV E R A G E O F I C E Q UA K E
C RO S S - C O R R E L AT I O N S

The icequake location procedure provides 31 436 acceptable sur-
face icequake locations (Fig. 11) and determines a mean Rayleigh
wave velocity of 1670 m s−1 with a standard deviation of 220 m s−1.
Within the seismic network, the epicentres form northeast to south-
west trending structures, which is a manifestation of the local
crevasse pattern visible in Fig. 2. This pattern is not present outside
of the network due to the large location uncertainty in the radial
direction.

Next we choose two stations (shown in Fig. 11 and circled in
Fig. 2) and cross-correlate their z-component seismograms. We re-
strict ourselves to events that lie beyond a 200 m circular radius
centred at the midpoint between the station pair (black events in
Fig. 11). This leaves us with 27 116 cross-correlations (Fig. 12a),
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Figure 12. (a) Cross-correlation of vertical component seismograms
recorded at two different seismometers for icequakes that locate more than
200 m from these stations (Fig. 11, epicentres in black). The amplitudes of
the cross-correlations are colour coded, with warmer (red) and colder (blue)
colours representing positive and negative amplitudes, respectively. (b) Az-
imuthally bin-averaged cross-correlations. (c) Sinusoidal fit to the zero lags
in (b) with open black circles and dashed line representing zero lag mea-
surements and fit, respectively. Only bin-averaged cross-correlations with
maximum amplitudes above 0.6 were used.

corresponding to signals with nearly planar wave fronts at both
stations.

The cross-correlation’s zero lag provides an estimate of the dif-
ference in seismic wave arrival time at the two stations. Specifically,
the plane wave approximation implies a sinusoidal dependence of
zero lag on event azimuth. Resulting from the uneven azimuthal
distribution of event epicentres (Fig. 11), there exists a bias towards
negative lags (Fig. 12a).
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In order to accentuate the sinusoidal relationship, we assign all
cross-correlations to event azimuth bins of 5◦, which is more than
twice the estimated location uncertainty (Fig. 10). The sinusoidal
dependence of the zero lag becomes apparent when averaging all
cross-correlations within an azimuthal bin (Fig. 12b). These bin-
averaged cross-correlations exhibit wavelets whose maxima are
centred on the arrival time differences of the planar wave fronts.
This observation bears testimony of the dominance of the direct
surface wave arrival over any scattered coda. In a more heteroge-
neous medium that produced scattering, pre-processing would be
required to remove the scattered coda from the seismograms be-
fore performing the signal cross-correlations. Without this step,
the maxima of the cross-correlation would be dependent on station
separation rather than plane wave incident angles (Gouédard et al.
2008).

We fit a sine curve to the azimuthally averaged zero lags to mea-
sure arrival time differences and thus the glacier’s seismic velocity
between the two stations (Fig. 12c). At the cost of a diminishing
data set, we increase fit quality by discarding bin-averaged cross-
correlations with maxima below 0.6.

To measure seismic velocities at different frequencies, we apply
our method to octave-wide frequency ranges by bandpass filtering
the icequake signals prior to correlation. We also apply a bandpass
filter (5–15 Hz) during the event-location step. In order to reduce
dependence on the Rayleigh wave velocity determined in the loca-
tion procedure, we employ frequency ranges above 15 Hz for the
sinusoidal fit approach.

We estimate velocity measurement uncertainties by first ran-
domly drawing 1/50 of the 27 116 events used in the azimuthal
bin averaging and subsequent sinusoidal fit. As our total measure-
ment period spans nearly 57 d, these bootstrap samples, on average,
include approximately the daily number of events. We thus gener-
ate 1000 bootstrap samples for which we determine the mean and
standard deviation of the phase velocity measurements. For quality
control, we require that the average maximum cross-correlations
exceed 0.4 and that the azimuthal bins include at least 10 individual
cross-correlation measurements. We require at least 10 azimuth bins
satisfy these conditions. Finally, we require a sinusoidal fit variance
reduction above 80 per cent and between 0.9 and 1.1 sinusoidal cy-
cles over the full azimuthal range. These thresholds eliminate drastic
outliers but never discard more than 6 per cent of the 1000 bootstrap
samples.

The results (Fig. 13) show a mean Rayleigh wave velocity of
around 1640 m s−1 with uncertainties of 50 m s−1 (3.1 per cent).
For a glacier Poisson’s ratio of 0.36 as used by Walter et al. (2009),
this value corresponds to an S-velocity of 1750 m s−1 (using eq. 6
on page 88 in Stein & Wysession 2003). Considering uncertainties,
this value is in agreement with the 1760 m s−1 (Walter et al. 2009)
and 1790 m s−1 (Walter et al. 2010a,b) values used in previous
waveform modelling studies of Gornergletscher icequakes.

G R E E N ’ S F U N C T I O N R E T R I E VA L
O N G O R N E RG L E T S C H E R

We next explore the utility of cross-correlating icequake signals.
It has been shown theoretically (e.g. Wapenaar 2004; Roux et al.
2005; Wapenaar et al. 2010) and experimentally (e.g. Campillo &
Paul 2003; Sabra et al. 2005; Denolle et al. 2014) that the seismic
impulse response between two points in space r1 and r2 can be
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Figure 13. Rayleigh wave phase velocities for frequencies above 15 Hz
measured with the icequake cross-correlation approach (red dots represent
measurement points). Black solid lines and black dashed lines indicate mean
and standard deviation derived from bootstrap sampling.

retrieved via cross-correlation C of noise records from both points.
Confining ourselves to vertical seismograms, we can thus write:

dC

dt
≈ −G (r1, r2, t) + G (r1, r2, −t) , (5)

where t refers to time. The first term on the right hand side of the
approximation describes the seismic ground motion at point r1 due
to a force impulse at r2. The second term represents the time reverse
of this ‘Green’s function’, that is a wave recorded at point r2 due to
a force impulse at r1.

The approximation in eq. (5) provides accurate results if attenu-
ation is negligible and we sum over cross-correlated signals of seis-
mic sources that evenly surround the two seismometers (Gouédard
et al. 2008). These conditions are met in our analysis, because we
restrict the cross-correlation to icequakes beyond the two stations
and the azimuthal contribution of individual events is smoothed via
bin averaging. Moreover, since in our case, Rayleigh waves are of
primary interest, only near-surface sources have to be considered
(Wapenaar et al. 2004).

Exploiting the relationship in eq. (5), we average the cross-
correlation matrix (Fig. 12b) over all azimuth bins. This produces a
wavelet at either side of τ = 0 (Fig. 14a). We interpret these wavelets
as the direct arrivals of the causal and acausal Green’s functions be-
tween the two seismometers (Gouédard et al. 2008). This hypothesis
can be tested with the approximation in eq. (5). Fig. 14(b) shows the
time derivative of the average cross-correlation dC(τ )/dt together
with its time and amplitude inverse −dC(−τ )/dt. In accordance with
eq. (5), the parts of these two time series corresponding to the direct
arrivals show good agreement in phase and amplitude. It should
be stressed that beyond the direct arrivals (i.e. |τ |> 0.2 s) there
also exists close agreement between the two time series shown in
Fig. 14(b). This demonstrates that even though scattering is minor in
glacier ice, it nevertheless generates a small Green’s function coda,
which we successfully recover with azimuthally averaged cross cor-
relations.

Previous studies have shown that the direct waves of the Green’s
function can also be recovered when only sources in the station pair
‘endfire lobes’ (a small angular range around the axis connecting
the two stations used for cross-correlation) are used (Gouédard et al.
2008). Fig. 14(c) illustrates this principle for the station pair shown
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Figure 14. (a) Azimuthal average of bin-averaged cross-correlations: for
each lag, the matrix shown in Fig. 12(b) was averaged over all azimuths.
(b) The match between the temporal derivative of this cross-correlation and
its negative time-reverse confirms that the two dominant wavelets are the
causal and acausal Green’s functions between the two recording seismome-
ters (Fig. 11). (c) Recovery of direct Green’s function waves is also possible
when confining the azimuthal averaging to the endfire lobes. However, in
this case, the Green’s function coda waves are not recovered as indicated by
the mismatch at lags beyond ±0.2 s.

in Fig. 11. The axis connecting the two stations has an azimuth
of −6◦. Averaging cross-correlations within the nearest azimuth
bins (−5◦ and 175◦) recovers a close match between the causal and
acausal part of the Green’s function’s direct arrival. The agreement
is in fact better than for the average over all bins (Fig. 14b). The
reason for this is that when averaging over all azimuths, not all

signal contributions from outside the endfire lobes fully cancel out
as required for Green’s function recovery.

Despite the successful recovery of direct Rayleigh waves, the
endfire lobe averaging fails to reproduce the scattered Green’s func-
tion coda. This is evident from the phase mismatch at lags beyond
±0.2 s in Fig. 14(c). This is because even though englacial scatter-
ing is minor, the scatterers that do exist near the two seismometers
(mainly crevasses) are not sufficiently sampled by the waves trav-
eling from the endfire lobes to the two seismometers. This can best
be explained in the context of a single scatterer. In this case, waves
traveling along the two axes connecting the scatterer and the two
stations are required in addition to the endfire lobe waves (Campillo
& Roux 2014). On the other hand, when using distant sources at all
azimuth (Fig. 14b), the seismic waves sample more thoroughly the
possible paths taken by the seismic waves between the two stations,
including those of the scattered field.

M O N I T O R I N G P E R S P E C T I V E S

The presence of englacial fractures and liquid water has an influence
on seismic phase velocities. The approach we present in this work to
obtain phase velocity measurements using only naturally occurring
seismicity can be a stepping stone for future studies that aim to
monitor a glacier’s subsurface structure.

In the context of engineering and ice flow dynamics there ex-
ist two particularly important processes that can be responsible
for changing englacial seismic velocities. (1) Widespread fracture
growth within the ice and, (2), water filling or drainage of exist-
ing fractures. Fracture growth corresponds to increases in englacial
damage, which is known to accelerate prior to failure or collapse
of unstable ice masses (Pralong & Funk 2005). On the other hand,
changes in the water content of macroscopic englacial features (e.g.
ice-walled channels, crevasses, small fissures) relate to the pressure
within the subglacial drainage system. As the subglacial drainage
system transitions between a low-pressure efficient and pressur-
ized inefficient configuration, the englacial piezometric water table
changes and with it the water content of connected englacial void
spaces at different depths change as well (Cuffey & Paterson 2010).
Importantly, the configuration of a glacier’s drainage system con-
trols basal sliding (e.g. Schoof 2010) and thus plays a key role in
glacier and ice sheet dynamics. Seismic detection of water con-
tent changes in macroscopic englacial voids spaces could therefore
provide important insights into the state of the subglacial drainage
system.

Estimating the expected magnitude of change of seismic veloc-
ities, it is found that surface crevasses can locally decrease the
P-wave velocity by as much as 25 per cent (Gischig 2007). The
effect for S-waves is likely substantially larger, as elastic shear mo-
tion cannot be sustained by air or water within crevasses. For typical
bulk fracture volumes of 0.3–1.3 per cent within mountain glaciers
(Pohjola 1994; Harper & Humphrey 1995; Harper et al. 2010), we
find a seismic velocity change of 1 per cent or higher reasonable
when new fracture networks form or their water content changes.

U S I N G I C E Q UA K E R E C O R D S F O R I C E
S T RU C T U R E M O N I T O R I N G

Rayleigh waves are well suited for monitoring englacial velocity
changes, because they are primarily sensitive to the S-wave velocity
structure at a depth of approximately 1/3 of the wavelength (Li
et al. 2013). Assuming typical S-velocities of around 1800 m s−1 in
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Alpine glacier ice (Neave & Savage 1970; Deichmann et al. 2000;
Roux et al. 2008), seismic velocity measurements would have to
be made above 6 Hz in order to sample a glacier’s top 100 m. This
suggests that for monitoring purposes, icequake records are superior
to moulin tremor records, because icequakes have a broadband
frequency spectrum with significant energy above 30 Hz. Fig. 5(c)
demonstrates this difference in frequency signature, where icequake
signals appear as vertical bars covering a larger bandwidth than do
the tremor signals.

Both direct waves and coda waves of Green’s functions recovered
with icequake cross-correlation (Fig. 14) can be used for ice struc-
ture monitoring (e.g. damage state, macroscopic water content) by
means of phase velocity measurements. The advantage of using di-
rect waves is that only azimuthal bins in the endfire lobes have to be
filled reducing the number of needed icequake records. For instance,
in case of Fig. 14(c), the two endfire bins contained 213 and 702
events, amounting to only 3 per cent of the data in all azimuth bins.
This approach is particularly efficient when placing the seismometer
pair along the direction to a known source, such as tidewater calving
fronts or an active crevasse field. In these cases, the source azimuth
is known, which greatly simplifies seismic processing, eliminating
the need for a dense seismic network for icequake locations.

Another method to facilitate velocity measurements of direct
seismic waves is to apply the sinusoidal fit to more than one station
pair. We implement this method using all 60 station pairs, which
are separated by 100–300 m (Fig. 15). The broad range of station
separations requires us to scale the cross-correlation lag by inter-
station distances. We furthermore calculate the cross-correlation
envelope prior to bin averaging in order to enhance constructive
signal superposition. Including more than one station pair signifi-
cantly increases the population within azimuthal bins (Fig. 15). For
example, using only 15 icequakes produces a clear sinusoidal shape
when including the 60 station pairs. Fig. 15(c) confirms that the re-
covered sinusoidal shape matches well with a sine function whose
amplitude equals the reciprocal of the velocity determined using
one station pair and all available surface icequake signals (Fig. 13).

In contrast, more than half of the azimuthal bins remain empty
when using 100 icequakes with a single station pair separated by
about 200 m. Therefore, using 60 station pairs allows for one phase
velocity measurement every couple of minutes. On the other hand,
there exist two crucial disadvantages when using more than one sta-
tion pair. First, using the cross-correlation envelope decreases zero
lag resolution (compare Figs 12b and 15c). Secondly, the calculated
seismic velocities are spatial averages and the technique could thus
not reveal lateral variations in seismic velocities. In contrast, such
seismic velocity maps could be obtained when applying the single
station pair cross-correlation to several station pairs throughout the
network.

The disadvantage of using direct waves is that their arrival
time measurements are highly sensitive to source–station distances.
Changes or uncertainties in seismometer locations can thus intro-
duce spurious changes in arrival time measurements and in turn
englacial velocity estimates. For example, near our study site,
englacial strain rates exceed 10−3 d−1 (Roux et al. 2010). Over
the course of a monitoring period (a few months), interstation dis-
tances may thus change by a few per cent, masking any expected
changes in seismic velocities. Consequently, as we did not contin-
ually monitor changes in station positions throughout the deploy-
ment, it is difficult to unravel to what extent the spread in phase
velocity measurements determined with the bootstrap populations
is caused by changes in the station positions or if the spread indeed
does indicate changes in the phase velocities (Fig. 13). To do so
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Figure 15. Bin averaging of cross-correlation envelopes using one and
several station pairs and icequake records on 2006 June 6. (a) Histograms
showing the populations of azimuths between station pair midpoints and
icequake epicentres (in 5◦-wide bins). The single station pair (red bar data)
is separated by 200 m. For 100 icequakes and one station pair there is far
less azimuthal coverage than for the 15 icequakes and 60 station pairs,
each separated by between 100 and 300 m (black bars). (b) Bin-averaged
cross-correlation for single station pair and 100 icequakes. Grey colour
indicates unpopulated azimuth bins. (c) Bin-averaged cross-correlation for
the 60 station pairs and 15 icequakes. White dashed line is a sine function
whose amplitude is equal to the reciprocal of 1640 m s−1 (approximately
the velocity determined in Fig. 13). Note that compared to the single-pair
result (b), using several station pairs (c) allows for a faster recovery of the
sinusoidal dependence of zero lag versus azimuth.
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will require future networks to include differential GPS antennas
collocated with the seismometers. This would allow measuring hor-
izontal seismometer coordinates with relative uncertainties as low
as 5 mm (Sugiyama et al. 2010), providing the necessary accuracy
to compute continuous changes in inter-station distances during the
network deployment.

In contrast to direct seismic waves, seismic coda waves are
generated by the diffuse wave field, which is less sensitive to in-
terstation distances. Since these coda waves travel a significantly
longer distance than the direct waves, they are more sensitive to
medium changes. Coda wave interferometry (Hadziioannou et al.
2009) has allowed for detection of seismic velocity changes less
than 0.1 per cent. This technique has successfully been applied to
monitoring of clay-rich landslides (Mainsant et al. 2012), volca-
noes (Sens-Schönfelder & Wegler 2006; Benguier et al. 2008a) and
earthquake fault zones (Brenguier et al. 2008a,b). The clear disad-
vantage of using coda waves is that icequakes at all azimuths are
required, in contrast to direct wave reconstruction with endfire lobe
events.

The Rayleigh wave cross-correlation location procedure of Roux
et al. (2010) determines an icequake location and it also determines
a Rayleigh wave speed as a free parameter in the non-linear in-
version scheme. Our subsequent azimuthal averaging of icequake
cross-correlations depends on the inverted locations and thus also on
the previously determined Rayleigh wave speed. We argue that we
can still use the azimuthal averaging of icequake cross-correlations
to independently monitor changes of englacial velocities, because
we perform this operation at 15–30 Hz, whereas the location proce-
dure uses icequake records filtered between 5 and 15 Hz. In other
words, the two procedures are most sensitive to the glacier’s veloc-
ity structure at different depths. A more rigorous approach would
be to measure the glacier’s seismic velocity in an independent way,
applying MFP to water tremor as shown above for the GrIS data.
In this case, we could eliminate the Rayleigh phase velocity as a
free parameter in the location routine. This would require contin-
uous records as well as icequake seismograms of the same glacier
region.

WAT E R T R E M O R S O U RC E
M O N I T O R I N G

Compared to broadband icequakes, coherent moulin tremor sig-
nals from the Greenland data set are confined to lower frequencies
(Fig. 5). The tremor waveforms are therefore sensitive to structure at
greater depths and less suited for imaging or monitoring of the shal-
low ice structure. Nevertheless, tremor signals contain important
source property information, which can be studied with MFP.

A single station spectrogram can elucidate tremor frequency char-
acteristics during periods of elevated moulin water level (Fig. 5).
However, these individual spectrograms contain less information
during low-water level conditions due to the weaker tremor signal.
In contrast, focusing the matched-field beam at the tremor location,
we can amplify weaker signals, which are otherwise obscured by
incoherent noise sources near individual seismometers (Fig. 16).
For 2011 July 29 we perform a field match using 20-min-long
time windows with 3:20-min-long overlaps. As expected from the
single-station spectrograms (Fig. 5), the coherence spectrograms in
Fig. 16(a) are dependent on moulin water level. Consequently, in the
dominant tremor frequency range (2–8 Hz), the coherence is maxi-
mal during high moulin water levels. During the rising and falling
limbs of water level (above 520 m), frequencies above 9 Hz are ex-

Figure 16. (a) Coherence spectra of 20-min-long moulin tremor records on
2011 July 29, colour-coded by water level within the central moulin (Fig. 1).
(b) Probability density functions of smoothed coherence spectra revealing
tremor frequency signature during high and low water levels within the
moulin.

cited, as well. This corresponds to the tremor episode start and end
times when the spectrogram in Fig. 5 also reveals higher frequency
content (near 17:00:00 and 01:00:00, respectively). Moreover, the
high water level episodes are also associated with elevated coher-
ence below 4 Hz. This is in agreement with the qualitative observa-
tion that spectral content tends to shift to lower frequencies during
high water levels (Fig. 5).

Even during low moulin water levels, the coherence spectra ex-
ceed 0.6 in the tremor frequency range and exhibit two spectral
peaks near 4 and 6.5 Hz. These peaks are particularly apparent in
the probability distribution functions of smoothed coherence spec-
tra binned within 0.1 Hz and 0.1 units of signal coherence (panel b).
These observations suggest that MFP can be used to monitor fre-
quency characteristics of noise sources (such as englacial water
flow) even for signals that are near or below the level of background
noise.

C O N C LU S I O N

This study presents two approaches to measure seismic phase ve-
locities using signals of naturally occurring ambient sources on
glaciers and ice sheets. For continuous data, matched-field process-
ing provides Rayleigh phase dispersion curves, which can be used
to estimate ice thickness. However, this method becomes less accu-
rate with increasing bedrock topography and may thus provide only
rough approximations.

Our second method that uses cross correlations of event-based
icequake records constitutes a means to measure phase velocities
potentially at a precision exceeding 0.1 per cent. This opens the pos-
sibility to monitor fracture growth and macroscopic water content



Seismic velocities from glacier seismicity 1735

within glaciers without the need for active seismic sources. This
approach is most efficient if nearly continuous high-precision GPS
surveying of seismometer locations and both continuous and trig-
gered icequake records are available. In this way, seismic networks
can be used to monitor a glacier’s subsurface structure at sub daily
time scales over months or longer. This would constitute a clear
advantage over active source techniques that require considerable
manpower for data acquisition.
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